The dependence of phytoplankton photosynthesis on light intensity may be altered by the range and frequency of variations in light intensity recentlv experienced by the organisms. A major source of the fluctuations in light intensity experienced by phytoplankton in the upper ocean is vertical motion. We estimate time and space scales for \Tertical displacements of phytoplankton caused by turbulent mixing, internal waves, Langmuir circulations, and double diffusive processes. In the surface layer, depending on windspeed, current shear and stratification, we find that time scales for cycling of phytoplankton by turbulent eddies and mixing vary from about 0.5 h to hundreds of hours for vertical displacements of the order of 10 m. In the seasonal thermocline, turbulent diffusive time scales for displacements as small as several meters are weeks to months, whereas similar displacements by internal waves occur over periods of several minutes to several hours, according to the strength of the density stratification, and are then dominant. Langmuir cells seem to scale as the large turbulent eddies and need not be treated separately, and double diffusive processes seem to be of minor importance. The formulation used here of a vertical turbulent diffusion coefficient K, as a function of observable quantities-e the rate of dissipation of turbulent kinetic energy, and N the local buoyancy frequency-should also be us&d for estimating vertical fluxes of nutrients. In addition, this formulation is reversible in time and can be used to estimate the recent depth and light history of phytoplankton taken from the upper ocean.
Traditionally the dependence of the photosynthetic production rate of phytoplankton on light intensity has been described by "P vs. I" curves relating the rate of photosynthetic production, P, to increasing light intensity, I, determined usually from experiments where portions of the same sample are incubated at several different constant light intensities for the same period. The uptake of labeled carbon over that period is measured and considered to be an index of the photosynthetic production (Peterson 1980) . Division by the time interval gives the photosynthetic rate. A smooth curve fitted through the data resembles one of the family of curves shown in Fig. 1 (which, for illustration, has been generated from the model equation of Platt et al. 1980 ): P(I) = aem"'( 1 -eeVr).
(1) Several problems exist: different curves are often found at different times of day (provided the incubation period is sufficiently brief, say 2-4 h), at different depths, during different seasons, and with different organisms (Harris 1973; MacCaull and Platt 1977; Platt et al. 1980) . Furthermore, time-course measurements of varying photosynthetic production P(t) 801 IRRRDIFINCE Fig. 1 . Schematic curves of specific photosynthetic rate. Family of curves of photosynthetic rate P vs. the irradiance I according to the model of Plait et al. 1980 : P(Z) = aepb'(l -emC'). Curve 1 has no photoinhibition (b = 0) and curve 3 has strong photoinhibition.
and light intensity I(t) (where time intervals typically are minutes) do not lie on a curve like those in Fig. 1 . Rather, they are highly scattered, as best shown in fig. 5 of Marra (1980) . As an example, consider the daily cycle of solar radiation shown by curve 1 in Fig. 2 . If photosynthesis does depend on light intensity, according to a single curve in Fig. 1 , then the temporal change in photosynthesis should follow curve 2 in Fig. 2 . However, measurements usually fall somewhere between curves 2 and 3 ( Harris and Lott 1973; Harris and Piccinin 1977; Marra 1978u; Marra and Heinemann 1982) . The photoinhibition at high light intensities, characterized by the region to the right of the maximum value of curves 2 or 3 in Fig. 1 , apparently depends on the cumulative amount of high intensity light recently experienced by the organisms. Marra (1978b Marra ( , 1980 has shown that the degree of photoinhibition in curves like those of Fig. 1 depends strongly on incubation time, being minimal for incubation times <l h and asymptotic to a maximum after about 4 h. These experiments have been carried out with glass bottles which eliminate ultraviolet light. If photoinhibition also depends on the cumulative amount of ultraviolet light (Lorenzen 1979; Smith and Baker 1980; Hobson and Hartley 1983) , then damaging amounts of light could be received LOCRL TIME (h) Fig. 2 . Daily cycle of solar radiation (curve 1) and instantaneous rates of productivity. Curve 2 corresponds to the instantaneous productivity if the P(Z) relationship is obeyed instantaneously, and curve 3 if the instantaneous productivity is depressed by an amount proportional to the amount of inhibiting light (I -Z,) received over the previous 4 h (representing a "memory"). P(Z) relationship of curve 3 in Fig. 1 has been used with the light intensity of maximum productivity I,,, as indicated.
by the organisms much more quickly than the experiments indicate.
The extent and the temporal response functions of such photoadaptation are crucial problems in phytoplankton physiology. In addition to photoinhibition, other important aspects of the photoadaptation of phytoplankton to varying light intensities include changes in the initial slope and in the maximum value of fitted P(I) curves like those in Fig. 1 Light intensity in the upper ocean var-ies on time scales ranging from climatic scales down to fractions of a second, but those important for understanding changes in the P(I) relationship start at seconds or minutes and increase up to days or weeks. We eliminate from our study the modulation and focusing of submarine light by surface waves at periods ~15 s and also the variations of light intensity impinging on the sea surface. We consider only the scales of variation of light intensity that result from physical transport of phytoplankton cells up and down through the submarine light field. We assume that light intensity below the first meter of water decreases roughly exponentially with depth (Jerlov 1976) . In coastal regions, light is reduced to 1% of its surface value typically in 5 m; in the open ocean, the 1% light level may be as deep as 50 m. Thus vertical variations of several meters translate into a much larger absolute light variation near the surface than at any substantial depth. In addition, when phytoplankton occur in layers, they are often the dominant source of absorption of downwelling irradiance; their effect on the light profile can be modeled (Denman and Platt 1977; Smith 1981; Lewis et al. 1983 ).
We will consider four mechanisms that can advect phytoplankton vertically. The first is turbulent advection and mixing both by random eddies, under well mixed and stratified conditions, and by breaking internal waves. The effect of turbulent motions on photosynthesis has been the object of several field, laboratory, and numerical studies (Marra 197&l; Platt and Gallegos 1980; Gallegos and Platt 1982; Falkowski and Wirick 1981; Woods and Onken 1982) . The results are inconclusive as to whether turbulent mixing affects depth-integrated primary production, and they all point to the lack of accurate knowledge of diffusive time scales in the upper ocean, While it may be argued that our calculations are premature, we hope to demonstrate that by using current knowledge of ocean microstructure we obtain estimates of diffusive time scales spanning several orders of magnitude in response to realistic ranges of oceanographic conditions. Thus, a single estimate of diffusion or even a range of 10 is inadequate to describe the variety of mixing intensities that may be experienced by individual organisms. The second mechanism is vertical displacements by internal waves, especially their effect on layers of phytoplankton that develop in or near the thermocline as the summer progresses. The third is circulation by Langmuir cells, which have been invoked by biologists so often in the past probably because of the frequently observed surface streak lines. The fourth is vertical displacements caused by double diffusive processes, in particular salt fingers, which are potentially responsible for much small-scale vertical mixing in the ocean. Our objective is to obtain, for a realistic range of meteorological and oceanographic conditions, estimates of time and space scales for the vertical advection of phytoplankton organisms by each of these processes.
We have benefited from discussions with A. Bennett, W. Crawford, T. Dillon, G. Holloway, G. McBean, D. Mackas, M. Miyake, N. Oakey, T. Platt, and R. Thomson.
Sales of overturning eddies A classical picture of turbulence treats it as a field of nested eddies of different sizes, where turbulent kinetic energy (TKE) "cascades" from the largest "energy-containing eddies" to smaller and smaller eddies until it reaches viscous scales, where the energy is dissipated into heat. This viscous scale is well defined (Kolmogoroff microscale), but the length scale of the largest eddies, where the TKE is being fed into the turbulent field, is not. Rather, it varies according to the specific case being studied.
In general, the density straiification of the ocean inhibits vertical motion, but the eddies we are interested in here are those that do overturn in the vertical, thereby moving phytoplankton up and down in the water column and hence changing their ambient light level. Unfortunately, we know less about these large (i.e. comparable in size to the thickness of the mixed layer) energy-containing eddies than just about any other aspect of the turbulent upper ocean. Measurements are usually at a point (moored) or along a line (towed or dropped), and the data are usually treated to yield only average quantities so that the effects of surface gravity waves can be eliminated.
To estimate time and length scales of the vertical advection of phytoplankton by these eddies, we need to introduce several variables that describe the nature of turbulent motions in the upper ocean. We choose simple variables that can be estimated with contemporary measurement technology:
e--Rate of dissipation of TKE (m2* s+). (For simplicity, the density has been divided out.) In the upper ocean, we usually assume a local steady state; i.e. that the rate of input of TKE into the large eddies is in balance with the rate of dissipation E at small scales. Microstructure measurements from which E can be estimated have been possible for about 20 years (Stewart and Grant 1962) , but relatively routine observations of E in the upper ocean have only been possible in the last 5 years (Dillon and Caldwell 1980; Dillon 1982; Thorpe 1977; Gargett et al. 1979; Oakey and Elliott 1980, 1982) . w *---Turbulent friction velocity (m * s-l) is the square root of the shear stress, obtained (for x positive downward) from the time average ( u'w') = w *2 of the fluctuating velocity components u ' and v '. The shear stress interacting with the vertical gradient of horizontal current is considered to be the primary source of TKE in the absence of strong convection. The friction velocity in the water is related to UIO, the mean windspeed 10 m above the sea surface, through the assumption that the windstress 7 is constant across the airsea interface 7 = paCf()U,()2 = p&2 = pwwe2
where C,,, is the drag coefficient (1.3 X l(P), u* is the friction velocity in air, and pa, pw are the densities of air (1.2 kg * mm3) and water (1.025 x lo" kg * rne3) respectively. N-The buoyancy frequency (s-l = radians * s-l). This measure of the local stratification can be calculated directly from conductivity-temperature-depth (CTD) profiles N2 = khv)@d~d (3) where g is the acceleration due to gravity (9.8 m * sP2) and 8pl& is the vertical density gradient. Strong stratification acts to damp out or inhibit turbulence and supports internal waves of higher frequencies.
We will consider first the case of a well mixed surface layer. In the open ocean when the wind mixing is sufficiently strong, a well mixed constant density layer several tens of meters deep exists below the sea surface. In practice, we define a well mixed layer to be one where the temperature difference is <O.Ol"C and the salinity difference is <O.Ol% over the thickness of the layer. In such layers of nearly neutral stability, the turbulent intensity should be controlled by the wind, provided that the surface buoyancy fluxes are small. Recent evidence suggests that a well mixed surface layer may be treated as a "uniform stress" layer similar to both the atmospheric boundary above land or water and the oceanic benthic boundary layer (Jones and Kcnney 1977; Dillon et al. 1981 ).
In such a layer the only velocity scale is the friction velocity w*, and the only length scale is the distance from the boundary, x. The velocity gradient is then given as
where K = 0.4 is von Karman's constant.
In an unstratified uniform stress layer where shear-generated turbulence cascades to dissipation scales, we can express the rate of dissipation of TKE as (e.g. Turner 1973)
Dillon et al. (1981) found this expression to hold in the surface layer of a freshwater reservoir, and Oakey and Elliott (1980, 1982) found that the integral of Eq. 5 over the mixed layer also held on the continental shelf off Nova Scotia. The uniform stress layer does not extend infinitely, but rather, as the distance from the boundary increases, the earth's rotational forces dominate (e.g. Pond and Pickard 1978) .
In the absence of density stratification, the thickness of the surface mixing layer should be about equal to the turbulent Ekman layer thickness, L, = 0.4wJf (Monin and Yaglom 1971; Blackadar and Tennekes 1968) where f is the Coriolis parameter (Pond and Pickard 1978) . However, the ocean interior is stratified, causing a mixed layer to develop with a density jump at its base which often limits its thickness (h) to <L,. Assuming that the large energy-containing eddies are forced by the winds, we thus take their vertical length scale in a homogeneous ocean surface mixing layer, L,, to be either the depth of the mixed layer h, or the turbulent Ekman layer thickness L,, whichever is less. A cautionary warning is necessary here: although we are carrying two significant figures through our intermediate calculations, the length and time scales we are deriving are order of magnitude estimates only. But the important factor to consider is their wide range of possible values under typical changing oceanographic and meteorological conditions.
A time scale for vertical movement around an eddy T,t = L,lu, requires knowledge of the turbulent rms velocity uf. For uniform stress layers in the atmosphere (Monin 1962; Miyake et al. 1970; Pond et al. 1971) , in the ocean benthic layer (Heathershaw 1974) , and in an irrigation channel (A. Nowell and A. Williams pers. comm.), ul = (ut2 + vo2 + w'")i is roughly equal to 2.0~~. When L, = = 0.4 w*/f then T, = 0.2/f. For typical t&es off = 'lo-" * s-l (for a latitude of 45") and w* = 0.01 m-s-' (for a windspeed U10 of about 8 m * s-l), the eddy vertical length scale L,, is 40 m and the time scale T, is 2,000 s (or 33 min). Such a value for L,, is comparable with observed mixed layer depths under moderate winds. Note that while the vertical scale of the eddies increases with windspeed, the time scale for advection around the eddy does not.
In the other case when L,, = h (i.e. when L, is greater than the mixed layer thickness h), then T, = h/ut = h/(2w *). In this situation of constant h, the time scale for advection around the eddy is inversely proportional to windspeed. We now consider the case of a stratified surface layer. Phytoplankton grow most rapidly during the summer months when the upper ocean is usually stratified due to solar heating and relatively light winds. Stratification inhibits vertical overturning of eddies. Two questions are of particular interest. How large in the vertical can the energy-containing eddies become before buoyancy forces start to inhibit their vertical overturning? And, how much does stratification reduce the thickness of the uniform stress layer over which Eq. 4 and 5 are valid?
The appropriate length scale for the largest (in the vertical direction) eddies in a stratified fluid should bc related to the buoyancy scale Lb (Dougherty 1961; Lumley 1964; Ozmidov 1965) L/, = dN-% 03)
On larger vertical scales buoyancy forces inhibit overturning; on smaller scales buoyancy forces are negligible and the turbulence is expected to be homogeneous. The physical plausibility of L1, has recently been demonstrated by Thorpe (1977) and Dillon (1982) . From inversions in vertical temperature profiles (in a lake, where density is a function only of temperature), Thorpe calculated a vertical scale for overturned eddies by reconstructing a stable temperature gradient and estimating the rms distances that water particles must have moved to cause the observed inversions.
In the ocean, Dillon found this "Thorpe scale" calculated from temperature profiles alone to be proportional to and roughly equal to the buoyancy scale Lh as long as the distance below the sea surface x > lOL,. In other words, at depths <lOL,, the eddies "feel" the boundary and do not scale directly as L!,. Rather, they are controlled by the surface stresses. We thus take lOL, to be the depth above which eddies in a Denman und Gargett stratified mixing layer are controlled by surface stresses and Eq. 4 and 5 may be expected to hold. A more rigorous treatment o.f this problem would use the Monin-Obukhov mixing length (e.g. Phillips 1977) , but that requires knowledge of heat fluxes at the ocean surface, not easily measured at sea.
What values do we get for these length scales upon substitution of typical upper ocean estimates for the other variables? For late summer at Ocean Station Papa (50"N, 145"W) when the stratification should be maximum, Dillon and Caldwell (1980) found average values in the upper 20 m: N = 2 cph (=3.5 x lo-". s-l) and E = 2 x 10e7 m2 * s-" (high winds) and E = 2 X lop9 m2*s-3 (low winds). Dillon (1982) calculated LI, from these data and obtained 0.05 m < LI, < 5 m in the mixing layer, and 0.02 m < Lh < 0.3 m in the thermocline.
On the continental shelf off Nova Scotia at the end of September, Oakey and Elliott (1980, 1982) found, during strong winds, typical values in the upper 15 m of N = 4.4 x 10-3.s-1 (=2.5 cph; estimated from density gradients plotted in their fig. 9 ) and E = lo-" m2* s-3, giving Lb = 3 m from Eq. 6. Theoretically, Lb is an inverse wave number making the appropriate vertical length scale for the eddies 27rLI,. For comparison with L,,, the vertical scale defined earlier for the energy-containing eddies in an unstratified surface layer being mixed by the wind, let us consider the weakest possible observable stratification according to our definition.
For a temperature difference of O.Ol"C over a mixing layer of say 25 m (with T = 15°C and S = 35%0), N = 9.2 x lo-". s-l (=0.5 cph). Taking E = 10es m2 * sp3 to be typical for moderate wind forcing, we obtain from Eq. 6 lOL(, = 36 m as the vertical length scale of surfacedriven eddies before they begin to be controlled by stratification.
A corresponding time scale for vertical advection of phytoplankton over this distance is Th = 10Lhlut. Taking ut = 2w* and W* = 0.01 rn*s-l as before, we obtain Tb = 1,800 s or 30 min. Recall that the corresponding scales for an unstratified layer, 40 m and 33 min, are only slightly larger and hence consistent with these scales of 36 m and 30 min for the weakest detectable stratification.
Lagrangian vertical displacement of cells
The characteristic time and space scales of the large energy-containing eddies would represent the time taken and distance traveled by phytoplankton cells or organisms carried coherently from the top to the bottom of an eddy. The same time scale also represents the lifetime of an individual eddy before it breaks up into smaller eddies, indicating that our concept of organisms being advected around in discrete, coherent eddies is an oversimplification.
To be more realistic, we must estimate expected average vertical displacements of phytoplankton in a hierarchy of eddies in a homogeneous turbulent upper ocean. In this section, the theory of diffusion by continuous movements first developed by Taylor (1921) is used to estimate the Lagrangian rms vertical displacement Z(t) of a particle or organism in the turbulent flow, and comparisons are made with the scale estimates of the previous section. By "Lagrangian" we mean following the flow or particle; by "Eulerian" we mean observing the flow from a fixed point in space.
The main result of Taylor's theory relates Z(t) to the Lagrangian velocity autocorrelati on, I$,( t) Z(t)2 = 2v12t s t (1 -t'lt)R,(t') dt' (7) where RL(t') = (b(t)v(t + t'))/vr2, v' is the Lagrangian rms turbulent velocity, and v(t) is the Lagrangian velocity of a particle passively following the flow (e.g. see chapter 7: Tennekes and Lumley 1972). For stationary, homogeneous turbulence, the Lagrangian rms velocity v' at some point is equal to the Eulerian rms velocity defined earlier, u, , a more readily observable quantity.
R,(t') has standard properties for the autocorrelati on function of a stochastic process: R,(O) = 1, RL(-t') = &(t'), and 1 Q(t')l decreases with increasing t', eventually asymptotic to zero. If we define the Lagrangian in-tegral time scale, T, = sr RL( t ') dt ', then we can obtain "small time" and "large time" solutions to Eq. 7. For t 1 and z(t)2 = ut2t2;
for t + TL, the integral in proaches TL and Z(t)" = 2ut2TLt. Corrsin (1963) to show that Tr, is proportional to the Eulerian integral time scale T,: TL = T,/3 = L,l(3ut). For our earlier expression, when the eddies were not constrained by a thermocline at the base of the mixed layer x = h, T,, = 0.2/f, and we get Tr, = 0.071 J At 45" lat, f = 10h4 * s-l, and the Lagrangian integral time scale TI, is estimated to be 700 s or 12 min. Evaluating Eq. 8 for ut = 2w* and w* = 0.01 me s-l corresponding to a windspeed U10 = 8 m-s-l as before, we find the expected rms vertical particle displacement Z to be of order 13 m after time Tr,. For longer times in an unstratified surface layer, Eq. 9 should be used. Rewriting Eq. 9 in terms oft gives t = Z(t)2/(2u,2TL). For 2 = L, = 40 m (the value calculated in the previous section), Eq. 9 gives a time scale of 3,000 s or 50 min compared to a value of 30 min for T,. These estimates agree within a factor of 2, but we must recall that they are derived from the same scale assumptions. The two estimates are consistent, and their close agreement suggests that they have some general validity. (9) A note on the interpretation of Eq. 8 and 9 is in order here. They are used in the analysis of dye plumes, where Z(t) represents the standard deviation in the vertical direction of a Gaussian distribution approximating the spreading dye plume originating from a point source. In our case, we can think of a phytoplankton cell originally at some depth x = c at time t = 0. Z(t) is the standard deviation or second moment of the Gaussian probability function for that cell's position at some future time t when it has been dispersed vertically by turbulent fluid motions. For example, in these calculations for an unstratified surface layer, there is roughly a 68% probability that the organism will be found within * 13 m of x = c after I2 min. (In this unstratified case, the expected displacement along either horizontal axis is also +13 m.)
When stratification becomes important, we take a more empirical approach equating ut2TL in Eq. 9 to a vertical eddy coefficient K, (Tennekes and Lumley 1972) , so that Eq. 9 becomes 
Osborn (1980) obtained agreement between K, estimated from Eq. 11 and estimates based on the Cox number, both calculated from measurements of vertical microstructure gradients below the surface mixing layer. Caldwell et al. (1980) found similar agreement in the upper layer for strong and intermediate stratification (N 3 2 cph), but they had too few cases of weaker stratification to draw any conclusions. Weinstock (1981) has extended the theory to cases of weak stratification to include an additional factor in Eq. 1.1 that depends on the buoyancy scale Lb. This new modification has not been tested against field observations and will not be used here. Table 1 gives estimates of Kz calculated using Eq. 11 for recent measurements of E and N in the upper ocean and in Loch Ness. They span three orders of magnitude. We also calculated estimates of 27rLI,, a characteristic vertical scale for the large eddies in a stratified fluid, and oft:,, the time at which the expected rms vertical displacement Z(t) in Eq. 10 reaches 5 m. For measured values of N and E in the late summer thermocline and upper mixing layer, t5 ranges from 25 min to 35 days. For an unstratified upper ocean, t5 from Eq. 8 is only 4 min. Thus, t5 spans four orders of magnitude. The frequency of light fluctuations experienced by phytoplankton due to their vertical cycling by turbulent eddies should vary over a similarly wide range. In Fig. 3 we plot curves calculated from Eq. 10 for several different values of K, characteristic of those given in Table 1 . We should note that when Z(t) reaches values comparable with the original distance from the sea surface, Eq. 10 is obviously not valid.
To estimate the recent depth and light history of phytoplankton cells obtained from some depth, we want to extrapolate backward in time the depth range visited by those cells before sampling. The Lagrangian displacement formulae Eq. 7-10 originate with solution of the "forward dispersion equation." For the homogeneous case we are considering, if the turbulence is stationary in time, the back-
9'6 TIME(h) Fig. 3 . Root-mean-square expected vertical displacement of a phytoplankton organism according to Eq. 10 for different values of vertical turbulent eddy coefficient K,.
ward and forward dispersion problems are mathematically the same (Corrsin 1972; Tennekes and Lumley 1972, p. 236 ). Thus, the curves in Fig. 3 can be reflected about time t = 0 to represent, for cells obtained from a certain depth at t = 0, 1 SD of the probability density function of their vertical distribution at previous times. For example, we can rephrase the results of our calculations for an unstratified surface layer as follows: for a sample of phytoplankton cells taken from depth x = c at time t = 0, we estimate that 68% of those cells were within 13 m of x = c 12 min earlier, or alternatively, the rms displacement from x = c of the cells 12 min earlier was +13 m.
Vertical displacements by internal waves
In the seasonal thermocline, the time scale for vertical displacements of phytoplankton by turbulent diffusion of several meters or more is 12 h or longer (Fig.  2, Table 1 ). Anyone who has performed repeated CTD casts at a fixed location has observed comparable vertical displacements of water properti es over time scales as short as 5 min.-These variations ususubmaally are attributed to internal waves. In phytothe thermocline then, direct vertical displacements of organisms by internal waves may be more important than turbulent advection in varying the rine light field experienced by plankton on the critical time scales shorter than several hours. This may be particularly true in coastal waters where largeamplitude internal waves occur over a wide range of frequencies.
For example, Reid (1956) What general characteristic scales in time and space can we expect for vertical displacements of phytoplankton by internal waves in the upper ocean?
In the upper ocean, the large buoyancy frequency in the thermocline can result
In the deep ocean away from boundaries, the Garrett-Munk (GM) spectrum (e.g. Garrett and Munk 1979) adequately models the kinetic energy and vertical displacement spectra of internal waves. Briefly, internal waves occur only at frequencies in the range from the local inertial frequency Jf (0.06 cph at 45" lat) to the local buoyancy frequency N (typically of the order of 10 cph in the upper thermocline).
Between these two frequencies, the GM model spectrum is proportional to cr)p2 (where CI) is the internal wave frequency).
Superimposed on this curve is a peak at the inertial frequency f to account for energy associated with inertial oscillations. Additional peaks at the semidiurnal tidal period (0.08 cph) and its harmonics also are necessary, Gregg and Briscoe (1979) estimated that a third of the variance in the vertical displacement field of internal waves results from internal tides even in the deep ocean; the fraction is undoubtedly higher in coastal areas. Other observations in the thermocline indicate that there is more energy at high frequencies than predicted by the GM model. K&e and Clarke (1978) and Roth et al. (1981) found a distinct "bump" in the spectrum over the frequency range 2-6 cph at depths of 60 m and above, and Mase and Clarke found typical rms amplitudes of l-2 m. Pinkel(l981) observed a similar enhancement of higher frequencies near the top of the thermocline and also peaks at the semidiurnal frequency and its harmonics. All these workers discussed the "waveguide" or resonance property caused by the peak in the vertical N profile in the thermocline. Kase and Clarke (1978) also pointed out that internal wave statistics are highly variable with time in the upper ocean, probably due to individual groups of waves forced by the winds.
On the continental shelf, a large fraction of the internal wave energy occurs at the semidiurnal tidal frequency, primarily due to generation at the shelf edge (e.g. Prinsenberg et al. 1974) . Hayes and Halpern (1976) observed off the Oregon coast that vertical displacement variance in the semidiurnal frequency band and higher frequency internal wave bands changed by as much as a decade over several clays, in concert with wind-forced upwelling events. They observed a maximum rms vertical displacement in the semidiurnal band of 4 m at a depth of 10 m.
Vertical displacements on the continental slope and shelf can be tens of meters. Denman and Herman (1978) observed in water <lOO m deep peak-totrough vertical displacements of phytoplankton and density fields of up to 30 m, which they attributed to internal waves. At the shelf/slope water front off Nova Scotia, Herman and Denman (1979) found the chlorophyll layer to be displaced vertically 10 m with roughly a semidiurnal periodicity.
They also documented over a 12-h period the breaking of an internal wave with an overturning scale of the order of 40 m. Haury et al. (1979) studied internal wave trains generated by the semidiurnal tide over a bank at the edge of the continental shelf in the Gulf of Maine: the period of modulation of the wave packet was about 90 m (o = 0.7 cph), the period of individual waves was 8-10 min (cl, = 6 cph), and the leading internal waves had peak-to-trough vertical di splacements of 20 m. Phytoplankton and zooplankton both were displaced passively by the internal wave undulations. Kamykowski (1974 Kamykowski ( , 1979 modeled the physical and physiological responses of motile and nonmotile phytoplankton to semidiurnal internal wave fields characteristic of southern California coastal waters. Photoinhibition was modeled as photorespiration that increased with increasing incident radiation, but without a time response function. Significant effects on net primary production were predicted when the internal tide phases were such that wave crests coincided with solar noon.
We conclude that in a stable thermocline turbulent vertical transport of phytoplankton is usually much slower than direct displacements by undulating internal waves. One exception would be a rapidly deepening mixing layer that entrains up into the mixing layer phytoplankton that had previously been Ziving in a quiescent stratified region.
Advection by Langmuir circulation
Of the various motions in the upper ocean, none has received more attention from biologists than Langmuir cells. There is little doubt that Langmuir cells do exist, but detailed field observations that clearly describe their dimensions, speeds, lifetimes, and frequency of occurrence have not been obtained.
Despite the lack of clear observational data, Table 2. several theories have been developed rccently (set ! Pollard 1977; Leibovich and Paolucci 1980) . To evaluate the cycling of phytoplankton by Langmuir cells, we will rely mainly on observations reviewed by Pollard (1977) .
Although windrows have been widely observed, the depth of penetration of the underlying circulation is not well known. Normally they appear to penetrate to a depth of ~10 m, the exception occurring during unstable convection. In addition, the downwelling velocities below the windrows decay rapidly beyond a depth of several meters. The cells are also highly asymmetric in the horizontal: a third or less of the cell is downwelling while the rest is slowly upwelling.
With these properties in mind, we can describe a "typical" Langmuir cell as depicted in Fig. 4 from the range of observed values summarized in Table 2 ( after Pollard 1977) . For a cell with properties given in column 3 of Table 2 , a phytoplankter would take about 20 min to be carried once around an "average" path by the cell (right-hand column). During that time the organism travels up and down a distance of about 4 m.
This cycle time is slightly less than the 30 min estimated earlier for the large energy-containing eddies in an unstratified layer, probably because of the smaller depth penetration of the cell (most of the observations were made when some stratification existed). The data reviewed by Pollard (1977) suggest that both the row spacing and the current speeds increase with increasing windspeed.
The estimated cycle time would thus be independent of windspeed, similar to T,, defined earlier. Therefore, we conclude that Langmuir cells probably scale as do the large energy-containing eddies and need not be treated separately. The most detailed field measurements of the current and density structure in the upper layer are those of Thorpe and coworkers for Loch Ness. Their experiments were not designed to study Langmuir circulations, and while Thorpe and Hall (1980) observed many fine-scale temperature "ramps" or fronts in the presence of surf:ace windrows, they concluded that (p. 687) "the presence of a Langmuir ci.rculation associated with the wind rows has not been established in these cxperiments ." Smayda (1970) , in a comprehensive review, gave a range of Sinking rates for healthy growing phytoplankton of O-10 rn. d-l. Newer techniques include more of the more slowly sinking cells in their averages, and investigators now consistently obtain slower average sinking rates of < 1 m-d-' for healthy cells (e.g. Bienfang et al. 1982) . Maximum sinking rates for nutrient-depleted cells are still only 2-3 rn. d-l. Although these sinking rates are important on time scales of weeks, comparable with the scale of a phytoplankton bloom (e.g. Woods and Onken 1982) , they give transit times through the upper layer that are orders of magnitude larger than the cycle times of -1 h that we have estimated for eddies in weakly stratified mixing layers and for Langmuir circulations. Thus, in looking at the particle paths and hence the light history of healthy phytoplankton cells over periods of minutes to a day or two, we can safely neglect the effects of cell sinking.
Conclusions
We have estimated the range of time and space scales of vertical cycling of phytoplankton in the upper ocean by turbulent eddy diffusion, internal wave motions, Langmuir circulations, double diffusive processes, and sinking. Turbulent transport times were estimated from predicted size and time scales of the large energy-containing eddies and from Lagrangian dispersion formulae based on the ideas of Taylor (,1921) . Vertical turbulent eddy coefficients were calculated using recent microstructure measurements from the upper ocean of the turbulent energy dissipation rate E and the buoyancy frequency N. The times for cycling by turbulence in the surface layer varied from 30 min to hundreds of hours for vertical displacements of the order of 10 m. The wide range was a function of different observed values of windspeed, dissipation rate, and stratification. Langmuir cells appear to scale essentially as the large eddies and need not be treated as a separate case. Double diffusive processes and sinking are of minor importance.
In the seasonal thermocline, turbulent diffLlsion time for vertical displacements as small as several meters can be as long as weeks to more than a month. On the other hand, cycling over a comparable vertical range by internal waves in the upper thermocline can occur at frequencies as high as the local buoyancy frequency (IO-20 cph). In particular, recent observations of internal waves in the thermocline show that the vertical displacement spectrum has a large peak at the semidiurnal tidal frequency (0.08 cph) and a broad peak in the range 2-6 cph. Thus, during low wind summer conditions when a well mixed layer is absent, Table 1 shows that 5-m displacements might take weeks to occur; hence internal waves, which can achieve similar displacements in hours, will be the dominant mechanism moving phytoplankton up and down in the surface layer. However, the mixing response of the upper ocean to the onset of strong winds is rayid (several hours) and dramatic, quickly reducing cycle times by turbulent eddies to <I h.
Several extensions of this work are needed. The dependence of the turbulent eddy coefficient Kx on E and N (Eq. 11 or the modification derived by Weinstock 1981) for weak stratification (N < 2 cph) has not been verified with field observations. Oakey and Elliott (1980, 1982) found that E integrated over the mixed layer was about proportional to Ulo3, the rate of working by the windstress, giving the potential to estimate K, without direct microstructure measurements. Dillon et al. (1981) found the related Eq. 5 to hold in a reservoir, but recent results of R. Lueck and T. Osborn (pers. comm.) do not support this relationship.
Equation 11 and its future extensions should be extremely useftll to biologists in improving their estimates of the vertical fluxes of nutrients through the thermocline in regions where there is no double diffusion. Finally, the ability to extend the Lagrangian dispersion formulae backward in time should allow us to estimate the probable recent depth history (and consequently the recent light history) of phytoplankton cells from a given depth in the upper ocean-knowledge necessary for assessing their state of photoad-.afitation at any given time.
